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Abstract Infragravity waves are generated along coasts, and some small fraction of their energy escapes
to the open oceans and propagates with little attenuation. Due to the scarcity of deep‐ocean observations of
these waves, the mechanism and the extent of the infragravity waves energy leakage from the coasts remains
poorly understood. Understanding the generation and pathways of infragravity wave energy is important
among others for understanding the breakup of ice‐shelves and the contamination of high‐resolution
satellite radar altimetry measurements of sea level. We examine data from 37 differential pressure gauges of
Ocean Bottom Seismometers (OBS) near the equatorial mid‐Atlantic ridge, deployed during the Passive
Imaging of the Lithosphere‐Asthenosphere Boundary (PI‐LAB) experiment. We use the beamforming
technique to investigate the incoming directions of infragravity waves. Next, we develop a graph‐theory‐
based global back‐projection method of noise cross‐correlation function envelopes, which minimizes the
effects of array geometry using an adaptive weighting scheme. This approach allows us to locate the sources
of the infragravity energy. We assess our observations by comparing to a global model of infragravity wave
heights. Our results reveal strong coherent energy from sources and/or reflected phases at the west coast of
Africa and some sources from South America. These energy sources are in good agreement with the global
infragravity wave model. In addition, we also observe infragravity waves arriving from North America
during specific events that mostly occur during October–February 2016. Finally, we find indications of
waves that propagate with little attenuation, long distances through sea ice, reflecting off Antarctica.
Plain Language Summary Infragravity waves are oceanic surface waves with periods between
30 and 300 s and wavelengths up to tens of kilometers. They are generated along coasts; however, a small
fraction of the energy escapes to the open ocean and travels with little attenuation over transoceanic
distances. They play a significant role in phenomena such as seiches, coastal barrier breaching, and the
break‐up of ice‐shelves. Therefore, it is important to determine their sources, how they propagate through
the ocean and their interactions with the coasts. To shed light on these questions, we examine pressure data
recorded at an array of ocean bottom instruments deployed beneath the equatorial Atlantic Ocean. We use
array techniques to turn the ambient infragravity energy noise into useful signal, allowing the determination
of the incoming directions and the sources of these waves. Our results reveal strong infragravity wave
sources at the Atlantic coasts of Africa and South America. We also observe significant energy arriving from
Antarctica possibly due to waves generated elsewhere reflecting off Antarctic coasts.
1. Introduction
Infragravity waves are oceanic surface gravity waves with typical frequencies between 0.003 and 0.03 Hz,
and wavelengths of the order of several kilometers. They are generated from nonlinear difference interac-
tions of the higher frequency wind waves and swells and are more energetic near coastlines (Ardhuin
et al., 2014; Biesel, 1952; Herbers et al., 1994; Herbers, Elgar, & Guza, 1995; Smit et al., 2018; Webb et al.,
1991). It has also been suggested (Symonds et al., 1982) that they can be generated by a time‐varying break-
point with standing waves shoreward of the breakpoint and outgoing progressive infragravity waves propa-
gating offshore of the breakpoint. Although such nonlinear wave‐wave interactions responsible for the
excitation of infragravity wave motions exist both in deep water and the coasts, they experience resonant
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interactions only near the coast, where they produce significant forced response (e.g., Ardhuin et al., 2014;
Herbers, Elgar, Guza, & O'Reilly, 1995; Webb et al., 1991). This is more evident in high‐energy coasts with
narrow continental shelves (e.g. Smit et al., 2018).
Infragravity waves are important for a wide variety of phenomena including coastal flooding, seismic noise,
and understanding sea ice thickness variations. They can create seiches at harbors and coastal regions and
contribute to flooding phenomena and coastal barrier breaching when the amplitudes of the waves increase
in shallow water (e.g., Aucan & Ardhuin, 2013; Okihiro & Guza, 1996; Reniers et al., 2010; Sheremet
et al., 2014). Even when their amplitudes are small, they can play an important role in the breakup of ice
shelves in polar regions (e.g., Bromirski et al., 2010, 2015, 2017; Dumont et al., 2011; Kohout et al., 2014).
It has also been shown that infragravity waves phase dispersion is sensitive to the sea ice thickness; and
therefore, they can be used for measuring the thinning of Arctic sea ice, which has been proven to be a chal-
lenging task (Wadhams & Doble, 2009). Infragravity waves are also responsible for the Earth's hum (e.g.,
Ardhuin et al., 2015; Rhie & Romanowicz, 2006; Webb, 2007, 2008). It has been suggested that they are a
potential source of the acoustic gravity waves in the atmosphere (e.g., Godin et al., 2015; Zabotin et al., 2016),
and thus play an important role in the coupling betweenmotions in the ocean, ice, atmosphere, and the solid
Earth. Finally, from an observational perspective, it has been shown (Ardhuin et al., 2014; Aucan &
Ardhuin, 2013) that the infragravity waves can introduce errors in the next‐generation, high‐resolution
satellite sea‐level altimetry measurements that aim to detect mesoscale (10–200 km) and submesoscale (1–
10 km) features, adding to the necessity of their accurate modeling and data‐driven investigation.
Therefore, obtaining better observational constraints on infragravity waves has an impact over a broad range
of fields.
Most of the infragravity wave energy refracts along the shorelines and propagates within some hundreds
of meters from the shore in the form of edge waves, observed in shallow coastal waters (Herbers, Elgar,
& Guza, 1995; Herbers, Elgar, Guza, & O'Reilly, 1995; Munk, 1949; Munk et al., 1964; Tucker, 1950)
and beneath the surface of sea ice (Mahoney et al., 2016). It is estimated that less than 1% of the energy
of infragravity waves leaks onto the open ocean (Webb et al., 1991) and travels transoceanic distances
with negligible attenuation (e.g., Godin et al., 2013), reaching the other side of the oceanic basin
(e.g., Harmon et al., 2012; Tonegawa et al., 2018). Due to insufficient high‐resolution observations in
deep ocean basins, the mechanism, dynamics, and energy levels of the infragravity waves energy leak-
age from the coasts onto the deep ocean is poorly understood (e.g., Aucan & Ardhuin, 2013). It has
been suggested that the local bathymetry and topography along shore may be an important factor
(Uchiyama & McWilliams, 2008). However, recent numerical models that account for the nearshore
under the assumption of locally straight shoreline, produce relatively good agreement with measured
infragravity amplitudes (Ardhuin et al., 2014), posing indirectly an upper limit to the contribution of
small‐scale morphology.
In this work, we investigate year‐long, deep‐ocean pressure recordings from Ocean Bottom Seismometers
(OBS) at the equatorial mid‐Atlantic ridge. The aim of this study is to determine the directions of the infra-
gravity energy that reaches the mid‐Atlantic Ocean basin, and to locate the sources of the infragravity waves
leakage at the surrounding coastlines. We calculate the noise cross‐correlations between pairs of the stations,
and then we examine the incoming directions by means of the beamforming technique. Next, we develop a
global back‐projection method (e.g., Harmon et al., 2012; Kiser & Ishii, 2017; Neale et al., 2015) that uses the
shortest path method to calculate the ray paths at a global scale. To mitigate artifacts due to the elongated
array geometry (e.g., Kiser & Ishii, 2017; Neale et al., 2015), we introduce a two‐stage, adaptive weighting
back‐projection scheme, which optimizes the response of the array without excluding any stations.
Finally, we back‐project the energy of the infragravity waves to determine their possible origins.
2. Data
We use ocean bottom pressure recordings from differential pressure gauges deployed as part of the Passive
Imaging of the Lithosphere‐Asthenosphere Boundary (PI‐LAB) experiment at the equatorial Mid‐Atlantic
Ridge fromMarch of 2016 to March of 2017. More specifically, we process data from 37 stations with depths
that vary from 2,905 to 5,205 m (Figure 1). The pressure timeseries from each station are down sampled to
1 Hz, and the amplitudes are normalized with the maximum of the envelope of the waveform to reduce the
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effects of earthquakes in the data and differences in the calibration of the sensors. Next, we calculate
cross‐correlograms for all possible pairs of the stations and for each day of the deployment. Finally, for
each station pair, the stack of up to 361 days of the cross‐correlations is generated, yielding its noise
cross‐correlation function (NCF). After visual inspection of the envelopes of the stack of the NCFs, station
pairs with either poor signal‐to‐noise ratio and/or instrument problems are discarded, yielding to a total
of 202 NCFs (Figure 2) used for the back‐projection method described later. More advanced techniques
for data selection (e.g., Valentine & Woodhouse, 2010) are not applicable due to the limited size of this
data set. The lag time for these calculations is ±10,800 s corresponding to a 6‐hr window.
Through the procedure of amplitude normalization and stacking described above, we effectively study the
coherent wave energy that propagates across each station pair. In other words, we are sensitive to the relative
amount of coherent waves through time in the stack, but not necessarily the amplitude of wave events.
Asymmetry in the amplitude between positive and negative lag in
single NCFs suggests analogous asymmetry in the amount of coher-
ent energy that propagates in the corresponding directions.
3. Methods
We present the two array techniques that were used in this work to
detect the direction of the transient energy that propagates across
the PI‐LAB array and the potential sources of this energy, namely,
incoherent beamforming and back‐projection.
3.1. Incoherent Beamforming
Beamforming is a spatial filtering technique that is used to investigate
the direction of energy propagation across an array, as a function of
slowness (reciprocal of velocity) and azimuth, by assuming a plane
wave propagating through the array. The incoherent beamforming
technique differs from the conventional beamforming because it uti-
lizes the envelope of the waveform, instead of the waveform itself.
Thus, the incoherent beamforming technique has only positive
values, since incoherent arrivals do not cancel to zero. This results
in generally noisier beamformers; however, it is more effective for
the detection of highly scattered arrivals (e.g., Ringdal et al., 1975).
Figure 1. Map showing the OBS stations (inverted triangles) of the PI‐LAB experiment and the bathymetry (Amante &
Eakins, 2009). Text indicates the code names of the stations.
Figure 2. Stack of 361 days of noise cross‐correlation functions, bandpass
filtered between 100 and 200 s.
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The lag time of the envelope corresponds to the wave‐group travel‐time between two stations. Therefore, the
beam expresses the value of the cross‐correlation envelope (Cn) at the expected lag‐time for a group slowness
s and azimuth θ.
Β f p; s; θ
 
¼ ∑
N
n¼1
Cn f p;Tn s; θð Þ
 D E
; (1)
where ⟨·⟩ denotes the envelope of the signal and Cn is the cross correlation for the station pair n. Tn, is the
expected group travel time between the stations in the station pair n, and it is calculated for a synthetic
plane wave as,
Tn s; θð Þ¼s·dn·cos u − φnð Þ; (2)
where dn and φn are the distance and the azimuth, respectively, between the stations of the station pair n,
for plane wave with azimuth u. To center the angular frequency ωc, a Gaussian band‐pass filter, f¼exp
−
a ω−ωcð Þ2
ω2
 !
, is applied, with a¼100
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
dn·10−3
p
, where ω is the angular frequency.
3.2. Back‐Projection
The back‐projection method has been widely used to image the rupture process of large earthquakes (e.g.,
Ishii et al., 2005; Kiser & Ishii, 2017), and for the determination of the infragravity wave sources (e.g.,
Harmon et al., 2012; Neale et al., 2015; Tonegawa et al., 2018). It provides information of a relative nature,
such as the location of the recorded coherent energy, relative to the array. Furthermore, it should be noted
that the back‐projected quantities are NCFs between differential pressure gauges of which the amplitude
information has been removed through the normalization process that is described in section 2.
Therefore, the results are solely dependent upon the coherence of the phase of the signal and cannot be
directly related with absolute measures such as the wave amplitude or the magnitude of an event. In this
work, the back‐projection method is applied to locate coherent sources of infragravity waves, using NCFs.
More specifically, the envelope of the stack of the NCFs is back‐projected onto an orthogonal grid of points at
the surface of the Earth. The grid is created using the JIGSAW‐GEO software (Engwirda, 2017), producing a
uniform, orthogonal mesh with spatial resolution of 150 km. Grid points that correspond to continental
regions are removed. Following Harmon et al. (2012) and Neale et al. (2015), the back‐projected source den-
sity P, for the center angular frequency ω, is calculated as
P φ; θ;ωð Þ¼ ∑
n¼ i; jf g
Wn· Cn ti φ; θ;ωð Þ − tj φ; θ;ωð Þ
  
; (3)
where Wn are weights that mitigate the array geometry effects, described below, and ti the group velocity
travel times from the station indicated by the subscript to the point of the Earth's surface with coordinates
(latitude, longitude) = (φ, θ). It should be noted that both the negative and positive lag‐times are included
in the back‐projection. The travel times are calculated based on the theoretical group velocity, U, using the
dispersion relationship for surface gravity waves as a function of ω and the water column depth h (e.g.,
Webb et al., 1991) as
ω¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
k·g·tanh k·hð Þ;
p
(4)
Uj j¼∂ ̸ω
∂̸k
; (5)
where g¼9:81m
s2
is the acceleration due to gravity, and k is the wavenumber. For determining h, the bathy-
metry data from Amante and Eakins (2009) with spatial resolution of one arc minute are used. The bathy-
metry data are interpolated to the grid points of a mesh similar to that used for the back‐projection, but
with spatial resolution that increases sinusoidally with longitude, up to a constant grid distance of
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~25 km in the region that roughly covers all the Atlantic Ocean. The resolution of the back‐projection
method in this scale is significantly lower than the fine resolution of the bathymetry grid therefore a
finer grid would not contribute to the precision of the results. Next, the depths are translated to group
velocities for the central frequencies (fp) of 5, 6.7, 8, and 10 mHz (or equivalently periods of 200, 150,
125, and 100 s). The travel times from each station to all grid‐points, required from Equation 3, are
calculated using Graph Theory and Dijkstra's algorithm. Figure 3 shows the estimated travel times from
a hypothetical source, calculated for the shortest and longest periods examined in this work, that is, the
shortest path method (Dijkstra, 1959; Moser, 1991).
3.3. Array Geometry Effects and Weighting
To evaluate the effects of the array geometry on the results of the incoherent beamforming and back‐
projection, the isotropic response of the array is calculated by assuming an isotropic distribution of plane
waves. The corresponding theoretical correlation function Cn, for each station pair n, at lag time t can be cal-
culated as (Harmon et al., 2012),
Ctheorn tð Þ¼
1
π
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
T2n − t
2
q ; (6)
where Tn is the group arrival time of a direct wave arrival along the station pair, calculated as mentioned
above.
The synthetic correlation functions are filtered with the same narrow bandpass filter that is applied to the
true NCFs, around the same frequencies, and then the envelope of the signal is calculated by means of
the Hilbert transform. Then, the isotropic response of the array is calculated by applying incoherent beam-
formingmethod as it was described earlier. Figures 4a and 4b show the isotropic response of the array for the
period of 150 s, which is in the middle of the examined periods range, and it is indicative of all periods exam-
ined in this work. It reveals the expected bias because of the elongated geometry of the array, which ampli-
fies the energy along specific azimuths. A more symmetric and evenly distributed array would be better
optimized to accurately back‐project infragravity waves and would have produced a uniform distribution
of the energy across all azimuths, for a specific slowness.
Similarly, to investigate the array‐geometry bias to the back‐projection, the synthetic data are back‐projected
in the same way as the real data, using Equation 3, to generate the isotropic response as,
Figure 3. Calculated infragravity wave travel times in days, from a hypothetical source for period (a) T = 100 s, and (b)
T = 200 s. inverted triangles show the location of the PI‐LAB stations and the star marks the location of the hypothetical
source, which is the same for both periods.
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Psyn φ; θ;ωð Þ¼ ∑
n¼ i; jf g
Ctheorn ti φ; θ;ωð Þ − tj φ; θ;ωð Þ
  
: (7)
In the ideal case, the shape of Psyn should correspond to the assumption made above of an isotropic distribu-
tion of sources. However, the elongated geometry of the array along theWSW‐ENE direction causes artifacts
such as amisleading amplification over this direction (Figure 4c). A similar effect also seen in the beamform-
ing method. This problem can be mitigated by properly weighting each cross‐correlation Ctheorn , before sum-
mation. The determination of the weightsW = [Wn]T corresponds to solving the following system of linear
equations (e.g., Neale et al., 2015),
Ctheor ·W¼Piso;
subject toWn ≥ 0 for all station pairs n¼ i; jf g:
(8)
The right‐hand side of Equation 7 corresponds to the ideal back‐projection result, that is, Piso= [P1, P2, P3,…
PN]
T = [1 1 1…1]T. Because of the requirement for nonnegative weights, Equation 7 cannot be solved by
means of linear programming. In this work, we introduce a two‐stage technique that uses an initial estimate
of the weights and then, further optimizes them using the Trust Region Reflective (TRR) Algorithm
(Coleman & Li, 1994, 1996) which solves the problem by means of quadratic programming, as it is imple-
mented in MATLAB 9.2 [https://uk.mathworks.com/help/optim/ug/least-squares-model-fitting-algo-
rithms.html#broz0i4, last accessed on January 2019]. This approach requires an initial estimate for W,
which is obtained by solving Equation 7 in a linear way, omitting the nonnegative constraint and using
the Moore‐Penrose pseudo‐inverse (Moore, 1920; Penrose, 1955) to invert Ctheor. It is possible thatW from
Figure 4. Beamforming response (top row) and back‐projection response (bottom row) of the PI‐LAB array for 150 s
period. Beamforming response is shown (a) over a wide range of slowness and (b) zoomed in a limited range of
slownesses where more details are visible. Back‐projection response is shown (c) using non‐weighted NCFs and (d) using
the weights that were estimated by solving Equation 8.
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the linear inversion happens to satisfy the non‐negative condition. In this
case, the nonlinear optimization step is not needed. Otherwise, the TRR
algorithm is applied. The latter allows the setting of a priori lower and
upper bounds for the weights. We set these bounds by trying to enclose
most of the range of values of the linear solution to satisfy the nonnegativ-
ity constraint and to ensure that we use all available pairs of stations, that
is, the minimum weight should not be null. After estimating the optimal
W, we recalculate the back‐projection for the isotropic case. Τhe result
is now significantly improved (Figure 4d). The sameweights are then used
in Equation 3 to back‐project the real data, yielding a normalized ampli-
tude of coherent energy (thereafter, also referred to as just “energy” for
convenience; the term “energy” refers to the normalized amplitude of
coherent energy in the case of the back‐projection method or just the
coherent energy when it refers to the beamforming method), minimizing
the artifacts due to the array geometry. This procedure of properly adopt-
ing the weight of the contribution of each pair of stations is applied for
each central frequency. The back‐projection results for the isotropic case,
after optimizing the weights, for each of the periods that are examined in
this work are shown in Figure 5. In all examined periods, the result accu-
rately images the isotropic source input, with only minor indistinguish-
able variations.
Furthermore, to investigate the smearing direction and the resolution of the back‐projection, we calculate
synthetic cross‐correlograms from hypothetical sources of Gaussian shape and peak amplitude = 1, located
at various places with respect to the PI‐LAB array. The source wavelet is propagated from the source to the
array, and then the energy is back projected onto the grid. The results are shown in Figure 6 and suggest that
for sources located along the East‐Northeast and West‐Southwest direction, with respect to the PI‐LAB
array, there is significant smearing along the same direction, as it is expected from the geometry of the array
(Figure 6b). In contrast, sources that are located orthogonally to this direction are imaged more accurately
without suffering from significant smearing. This also results in a higher peak amplitude as the energy is
concentrated over a notably smaller region (Figure 6a).
4. Results
The beamforming shows significant coherent energy, which arrives from all directions and over a wide slow-
ness range (Figures 7 and 8). The spectrogram of the beam power shows a large number of high‐energy arri-
vals distributed generally in an arbitrary way during the period of the PI‐LAB experiment without any
significant seasonal or any other pattern (Figure 7, top). These peaks in power are spread along a range of
periods and are roughly >11 db for periods shorter than ~150 s and >9 db for periods around 200 s. There
is a relatively high‐energy region at the first month of the deployment which is attributed to the releveling
procedure and higher noise for some stations. Back azimuths present a bimodal distribution with the energy
arriving from ~70° during most of the year at periods 100 s and greater. However, there are distinct times,
which we refer to as “events” during which energy arrives from ~250°. We observe less of a pattern at shorter
periods (Figure 7, middle).
The beamforming analysis of the back azimuths reveals temporal changes in the azimuth of the coherent
energy in the form of distinct events, well‐defined in time, with limited duration (of the order some days
up to a couple of weeks) with back azimuths around 250°. These events appear more frequently from
October to February, and they are characterized from similar beam power as other events with other back
azimuths. There are at least three such, relatively long events, with durations of several days each. The domi-
nant apparent velocity is between 100 and 140 m/s (Figure 7, bottom) and does not show any notable varia-
tion during their occurrence.
Polar plots of the 361‐day stack of the beamforming output show the power of the beam as a function of azi-
muth and slowness (Figure 8). An elongated structure along the direction 70°–250° is the most prominent
feature, which is present in all examined periods. The largest amount of energy appears to arrive from the
Figure 5. Back‐projection results of isotropic source synthetic data with the
optimal weights, for central periods of (a) 100, (b) 125, (c) 150, and (d) 200 s.
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East, across a wide range of azimuths, with a peak at the azimuth of ~70°, as noted earlier. The apparent
slowness of the peak energy decreases with increasing period, from ~13 s/km at 100 s to ~7 s/km at 200 s
period, which is expected from the dispersion of infragravity waves. It should be noted that the geometry
of this feature is close to the bias direction of the array for the expected slowness range of infragravity
waves (Figures 4a and 4b); therefore, it is difficult to conclude solely by the beam‐forming results which
portion of this energy is real and which is an artifact due to the selective amplification and smearing
along these azimuths. However, through the use of the back‐projection technique and by properly
Figure 6. Back‐projection results for synthetic timeseries data corresponding to hypothetical Gaussian shaped sources
(red star) located (a) south of the array and (b) at the Gulf of Guinea (right) using the back‐projection method. The
inset image in (a) shows the zoomed version of the green rectangle that encloses the source on the map. Color corre-
sponds to the amplitude of the stack.
Figure 7. Summary of beamforming results. (Top) Plot of beam‐power (db) as a function of time and period. (Middle)
plot of back azimuth direction as a function of time and period. (Bottom) plot of apparent velocity (m/s) as a function
of time and period. Arrows show 2 days (on 10 July 2016 and 8 February 2017) that correspond to the two dominant back
azimuths and are examined separately later.
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adopting the weights of the station pairs, as described earlier, we are able to mitigate the effects of the array
geometry.
We initially examine the dominant sources for the entire period of the deployment. Therefore, we
back‐project NCF stacks throughout the maximum span of the experiment. Back‐projection results after
the correction for the isotropic case (Figure 9) show an asymmetric distribution of infragravity wave sources,
with the most dominant directions pointing at the Southern Hemisphere. On the contrary, significantly less
coherent energy arrives from the Northern Hemisphere. We interpret the energy which exceeds the ~50% of
Figure 8. Azimuth (degrees) vs slowness (s/km) polar plots of 361‐day stack of the beamformer output (db) of the
PI‐LAB array, for 100 s (a, b), 125 s (c, d), 150 s (e, f) and 200 s (g, h). The left column shows a wide slowness range,
while the right column repeats the plot on the left but zoomed in the center, where more details can be seen.
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the range of the normalized amplitude of coherent energy. Specifically, the dominant sources are in the west
coast of Africa and, in a lesser extent, in Antarctica and the east coast of South America, at latitudes, lower
than −5°. At 100 s period, the more coherent sources are located off the coast of Namibia, the coast of South
Africa as well as in Antarctica and from theWeddell Sea coast. There is also considerable energy that arrives
from sources in the Indian Ocean at the south coast of South Africa. There is also some energy from sources
at the coasts of Argentina and to a lesser extent from Uruguay and Brazil. At 125 s period, the main sources
are in the Gulf of Guinea, and then from the coast of Angola down to the coast of South Africa. There are also
more consistent arrivals from the southern coast of South America with sources located at latitudes lower
than −5°. Again, considerable amount of coherent energy arrives from sources at the coast of Antarctica.
At 150 s period, the sources show a relatively similar pattern to the previous case, with less incoming energy
from south of South Africa. At 200 s, the predominant energy arrives from sources along the coast of Angola,
Namibia and South Africa, as well as the Antarctica coast at longitudes between 0 and 60°E. Again, a signif-
icant amount of coherent energy arrives from south of the South African coast, possibly from sources in the
Indian Ocean. There are also coherent energy arrivals from a small section of the east coast of South
America, at latitudes lower than −20°.
Figure 9. Back‐projection results for the periods of (a) 100, (b) 125, (c) 150, and (d) 200 s. (e–h) WAVEWATCH III Infragravity wave height model averaged over
the duration of the PI‐LAB experiment (i.e., March 2016–March 2017; Ardhuin et al., 2014; downloaded from http://ftp://ftp.ifremer.fr/ifremer/ww3/HINDCAST/
GLOBAL_IG, last accessed on October, 2019).
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We compare our year‐long average back‐projections to the corresponding 1 year‐long average
WAVEWATCH III Infragravity wave height model (Figures 9e–9h; Ardhuin et al., 2014; downloaded from
http://ftp://ftp.ifremer.fr/ifremer/ww3/HINDCAST/GLOBAL_IG, last accessed on October, 2019). We cal-
culate the average infragravity wave height by integrating the surface elevation spectrum over the desired
frequencies and time (e.g., equation (1) in Ardhuin et al., 2014). The key features in the model are increased
heights in the open ocean mostly at the Southern Hemisphere, and significant possible sources at the coasts
of Namibia and South Africa, as well as the coasts at the Gulf of Guinea. There are also source regions along
the Atlantic coasts of South America. In the Northern Atlantic, the regions of relatively large wave heights
are limited to a region between Europe, Greenland, Canada, and Morocco and extend to a lesser degree
southwards.
Finally, there are significant wave heights in the Pacific and the Indian Ocean. The Indian Ocean appears to
leakmore infragravity wave energy into the Atlantic than the Pacific. This pattern does not vary significantly
for the maps from 100–200 s periods. This contribution to the infragravity wave energy from other ocean
basins is supported by themodel of Ardhuin et al. (2014) which shows wave heights that gradually scale from
>0.6 cm at 100 s to >0.3 cm at 200 s at both the southeastern coast of Africa and the Indian Ocean, as well as
the coast of Chile and the Pacific Ocean (Figures 9e–9h). It should be noted that the resolution of our method
deteriorates with increasing distance from the array. Thus at large distances the result tends to be smoothed
out. This is because the ray paths of two sources with relatively small spatial separation to each other, located
at large distances from the array, will share nearly identical trajectories close to the array. Therefore, they
will produce nearly identical noise cross‐correlation functions, and consequently the back projection will
show then as one large region instead of two separate peaks.
The features in the infragravity wave models are generally consistent with source regions determined with
back‐projection. For instance, in the Southern Hemisphere, our back‐projection detects sources from South
America south of ~15°S latitude but does not detect sources near the equator. There is also a large region of
relatively high infragravity waves in the model (e.g., height > 0.55 cm for the period of 100 s) in the open
ocean south of the PI‐LAB array, which appears to be related to sources and/or reflections from both the
Atlantic coasts of Africa and to lesser extent South America. Our back‐projections at 125–200 s period also
detect most of the significant wave heights radiating from the coasts of Africa and the region that extends
south, down to the Antarctic coast at longitudes larger than 0° in the infragravity wave model at the same
periods. In our back projections, coherent energy arrives from the Weddell sea particularly for the periods
of 100 and 125 s, and to a lesser extent for 150 and 200 s, but corresponds to relatively low <~0.2 cm infra-
gravity wave height this region in the infragravity wave model regardless the examined period. Our
back‐projection results have lack of coherent energy from the Northern Hemisphere across all tested periods
in the back‐projection results, which may be a result of the limited spatial source region visible in the infra-
gravity wave model.
As we mentioned earlier, beamforming analysis reveals a temporal variation with a handful of distinct
events fromOctober to February from a back azimuth around 250° that disrupt the typical east and southeast
back azimuths during the rest of the year. To further investigate this pattern, we explore the back‐projection
of daily stacks to probe variations in source locations through time. We back‐projected the infragravity
energy for two example event days, one in February and one in July (Figures 10c and 10d). The first on
the 10 July 2016 and the second on the 8 February 2017 present significantly different results (Figure 10).
We compare our results to the modeled infragravity wave height (Ardhuin et al., 2014; downloaded from
ftp://ftp.ifremer.fr/ifremer/ww3/HINDCAST/GLOBAL_IG, last accessed on October 2019), on the same
and the previous day, all sampled at 18:00 UTC.
On 10 July 2016, most of the coherent energy appears to arrive from the Southern Hemisphere, with predo-
minant sources at the Gulf of Guinea, Namibia and South Africa (Figure 10c). This agrees with significant
infragravity wave heights in these regions along the western coast of Africa (i.e., >0.8 cm; Figure 10a).
Whereas, moderate IG amplitudes (>0.55 cm) across the Atlantic Basin in July (Figure 10a) in comparison
to lower amplitudes in February (<0.50 cm; Figure 10b) are suggestive of leakage of IG wave energy off the
western coast of Africa across the Atlantic Basin to the PI‐LAB array. There are also significant arrivals from
the Atlantic coast of South America, which again agrees with sources modeled along these regions.
Significant infragravity wave heights that are modeled south and east of South Africa, and the Indian
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Ocean, as well as the Southern Pacific Ocean, appear to correlate with relatively high coherent energy that is
mapped in these areas from the back‐projection. It should be noted however that as mentioned earlier, at
large distances compared to the aperture of the array, the resolution of the back‐projection method deterio-
rates, and thus it is expected energy from point sources to be smeared over larger regions. Coherent energy
that is mapped at the Antarctic coast does not correspond to modeled open ocean infragravity wave heights,
especially in negative longitudes. A source region near the coast of Canada appears slightly in the
back‐projection results, but similar sources in Europe and Greenland are not shown, possibly due to the sha-
dow zone that the African continent creates for these azimuths for the PI‐LAB array.
On 8 February 2017, the situation is reversed. Predominant sources in the back‐projection are located at the
most eastern coast of Brazil, and the North Atlantic Ocean, whereas very little energy arrives from the south.
This appears to largely agree with generally higher infragravity wave height (>0.6 cm) in Northern
Hemisphere and significantly smaller wave heights (mostly in the range 0.2–0.55 cm) in Southern
Hemisphere during the period of the back‐projection (Figure 10b). The region with the largest coherent
energy in the back‐projection is the coast of Brazil, which appears to be related with the infragravity wave
energy that arrives from a weather system in the North Atlantic ocean at the northern coast of South
America, and then reflects/refracts toward the Equatorial and South Atlantic ocean (Figure 10b). There
are large infragravity wave heights >0.7 cm on the coasts at lower latitudes as well, which do not correlate
with high amplitudes in back‐projection results, indicating limited infragravity wave leakage to the open
ocean from these regions. This is also evident from the low infragravity wave heights (~0.3 cm) further away
from these coasts (Figure 10b). Coherent energy in our back‐projections from the Northern Hemisphere
appears to be correlated with significant infragravity heights >0.65 cm, near and off the coasts of the
United States of America, Canada. The main contribution appears to be from infragravity waves that are
Figure 10. (Top row) WAVEWATCH III Infragravity wave height model for ~100 s period (Ardhuin et al., 2014; estimated as discussed in the main text, from the
wave elevation spectrum that was downloaded from http://ftp://ftp.ifremer.fr/ifremer/ww3/HINDCAST/GLOBAL_IG, last accessed on October, 2019), (a) On 9
and 10 July 2016 and (b) on 7 and 8 February 2017, all at 18:00 UTC. (Bottom row) Back‐projection results for the period of 100 s, during (c) the 10 July 2016 and
(d) the 8 February 2017. The red line shows the effective ice boundary, calculated by averaging the open ice cover with the close and fast ice, using data from
Aaboe et al. (2018).
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generated from a weather system between Europe, Greenland, and Canada, which gradually propagate
southwest, eventually reaching the northern coasts of South America as mentioned earlier. As with the con-
trary previous case, our back‐projection results do not show sources in European coasts and Greenland,
despite the modeled infragravity wave heights in these regions, which as mentioned earlier could be due
to the shadow zone that the African continent creates for this range of azimuths to the PI‐LAB array.
5. Discussion
Using data collected by the PI‐LAB experiment at the equatorial mid‐Atlantic Ridge, we observe infragravity
wave energy arriving from sources around the Atlantic, but with the most coherent sources in the Southern
Hemisphere. Depending on the examined period, the sources are located in the west coast of Africa,
Antarctica, and the southern part of the east coast of South America. Prominent sources are found in the
Gulf of Guinea, the coast of Namibia and the Coast of South Africa. Comparison to the infragravity wave
height model from WAVEWATCH III (Ardhuin et al., 2014) reveals generally good agreement between
source regions indicated by the back‐projection and large wave heights in the infragravity model in both
the year‐long averages and also in daily stacks. In particular, our array is able to identify strong source
regions of leaking infragravity waves near the Atlantic coasts of Africa visible in the infragravity wavemodel.
This is probably not due to the closer proximity of PI‐LAB array to the African coast, given that the waves
experience little attenuation (e.g., Godin et al., 2013). Instead, it is probably due to high degrees of leakage
due to the continental slope bathymetry, and the concaveness of the west coast of Africa, as opposed to
the convex geometry of the east coast of South America (Ardhuin et al., 2014). This region has been also
identified as a significant potential source of leaked deep ocean infragravity waves in other studies (e.g.,
Crawford et al., 2015). We are also able to identify strong ephemeral sources in regions that do not exist in
the year‐long stacks, such as the sources in North America at the 8 February (Figures 10b and 10d).
To quantify the correlation between the back‐projection result and the infragravity wave height model, we
plot the year‐long averages of the infragravity wave model versus our back‐projection energy for periods of
100, 125, 150, and 200 s, and for a region of up to 30° from the center of the array (Figure S2 in the supporting
information). A linear trend is visible in the plot, although with significant scatter, regardless the period. We
remove outliers using a conservative approach of excluding anything beyond three times the typical range of
1.5× (~or ~2.7σ in a Gaussian distribution) above the upper quartile or below the lower quartile. This corre-
sponds to the 0.8%, 1.3%, 1.9%, and 2.3% of the total data points for each period, respectively. Next, we cal-
culate the correlation coefficient, which ranges between 0.56 and 0.59 for the different examined periods.
The correlation coefficients suggest that even though we have used only phase information, the
back‐projection of the amplitude normalized pressure data yields some information about the wave heights
of the infragravity wavefield. In other words, large wave heights produce more coherent energy and there-
fore larger back‐projection amplitudes. The correlation coefficient is likely reduced by the amplification of
weaker wave fields by the amplitude normalization during the preprocessing stage of our data.
There are notable differences between the back‐projection source regions and the infragravity wave model.
Particularly, in the single day stacks, our back‐projection identifies a coherent source region coming from
the coast of the United States of America on 8 February 2017, where no large wave heights are visible in
the infragravity wave model. In addition, we do not observe the effects of the large source between
Greenland and Northern Europe on this day in our back‐projections. Our observations can likely be
explained by reflections off the coast of the United States of America from the strong sources visible in the
infragravity wave model between Greenland and Northern Europe. The African continent likely prevents
the PI‐LAB array from imaging sources in European coasts and Greenland, as it creates a shadow zone along
these azimuths.
Another interesting difference between our back‐projections and the infragravity wave model is that there is
a considerable amount of coherent energy that arrives from the shoreline of Antarctica and Weddell Sea. To
the knowledge of the authors, there is no knownmechanism that can excite infragravity waves from the ice‐
selves, something that is also confirmed from the infragravity wave models (Ardhuin et al., 2014). Therefore,
this energy could correspond to infragravity waves that are generated elsewhere, travel transoceanic dis-
tances to be reflected back from Antarctica. Depending on the period of the year, the sea ice surrounding
the coast of Antarctica can extend to more than 1,000 km from the coast during the Northern Hemisphere
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summer and retreat but not completely disappear during the Northern Hemisphere winter (e.g., Aaboe
et al., 2018). Note that in Figure 10a, there is a significant amount of energy coming from Antarctica even
close to the sea ice maximum. It has been shown that the reflection coefficients of infragravity waves when
they meet sea ice decrease with period and for periods larger that ~30 s are expected to be effectively null for
a wide range of ice thicknesses, yielding 100% transmission (Fox & Squire, 1990, 1994). This suggests that the
energy recorded at the PI‐LAB array might correspond to infragravity waves that propagate through sea ice
for up to thousands of km (e.g., Aaboe et al., 2018) with little attenuation and reflect from the Antarctic coast.
Such unattenuated propagation of infragravity waves through the sea ice has also been suggested by
Wadhams and Doble (2009), who utilize tilt observations from instruments located on the sea ice, near
North Pole to infer the infragravity wave propagation in that region. Numerical modeling similarly supports
the notion of infragravity wave travel though sea ice (Squire, 2007; Squire et al., 2009) These studies showed
that short period (e.g., <15 s) surface waves attenuate due to scattering by the broken floes and ice thickness
variations or are damped by ice inelasticity, turbulence, and friction within a few tens of km of the marginal
ice zone; whereas, infragravity energy of longer periods (20–30 s) can propagate for more than ~1,600 km of
sea ice cover without any significant attenuation (Squire, 2007; Squire et al., 2009). In the present work, the
infragravity energy that is examined is of even longer periods (100–200 s). Thus, it is expected to exhibit simi-
lar behavior. The two‐way path propagation of infragravity waves within the Antarctic sea ice could play a
significant role in the integrity and the dynamics of the sea ice and requires further investigation. Future
work using OBS to measure the two‐way travel time of reflected waves from the sea ice ocean bottom pres-
sure gauges may provide a novel, passive, and remote means to measure sea ice thickness in situ (e.g,
Wadhams & Doble, 2009).
The variations of the back‐projection results from the modeled infragravity wave height can be attributed to
various factors. Although we have minimized bias with our new optimized back‐projection methodology
that weights station pairs to account for the linear geometry of the array, it is not possible to completely
remove it, and as we mention previously, it is likely that some bias remains. Furthermore, limitations in
resolution and the noise in data can also produce differences. Physically, regions with high coherent ampli-
tudes from the back‐projection but low infragravity heights could be indicative of coasts that act as reflectors
rather than sources of infragravity waves. An example of that is probably the coast of Antarctica as men-
tioned earlier. Other factors that can cause differences could be related to empirical choices for reflection
coefficients in the model, variations in the effectiveness of the propagation path, the fact that the model does
not take into account accurately the coastal morphology or the direction/spread of the forcing short‐period
waves, which have been found to be important for the generation of deep ocean infragravity waves (e.g.,
Ardhuin et al., 2014; Crawford et al., 2015). Crawford et al. (2015), argues that in several cases, the coastal
morphology and orientation dominate in the radiation of deep ocean infragravity waves, over factors such
as the height of the source waves or the effectiveness of the propagation path. In the future, incorporating
amplitude information into our method would likely enhance the correlation with the infragravity wave
model (Ardhuin et al., 2014).
Coastal reflections, if they can be accurately measured, could provide a constraint on the reflection coeffi-
cients used in infragravity wave modeling. We test the occurrence of reflected infragravity waves from the
coast of Africa, by assuming a simple reflection geometry, where a transient wave passes through the
PI‐LAB array, reaches the coast and reflects, and travels back to the array along the same ray path. In this
case, for a given pair of stations that are located along the ray path, the reflected phase is expected to be
observed at lag time t1+2t2, where t1 is the travel time of the wave between the stations and t2 the travel time
from the shoreward station to the shore (e.g., Neale et al., 2015). To identify possible reflections, we calculate
a year‐long stack of NCFs of approximately 14 hr, band‐pass filtered with central period of 200 s, where the
noise is less compared with shorter periods. We then correct for the relative azimuth between the station and
the reflected IG waves, under the plane wave approximation, in order for the reflected phases to be aligned
across the expected moveout line (approximately the same as the direct phases). We apply this procedure for
seven test azimuths that represent potential reflection points in African and South American coasts
(Figure 11). From the visual inspection of the NCF's, we could not clearly identify any such reflections
(Figure S1). However, to further investigate for reflected energy that may be hidden under the noise, we
apply a linear Radon transform to the NCF's (e.g., Gu & Sacchi, 2009), that is, we stack the traces along dif-
ferent velocities (moveouts) within the range of the expected average velocity values and produce the
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amplitude of the stack as a function of the velocity and time (Figure 11). Significant peaks can be identified at
near zero time in almost all tested azimuths corresponding to the moveout of the direct phase. The
corresponding moveout velocity is near the expected values ~140 m/s (e.g., Figure 7 bottom). By aligning
the signals to the reflected phase direction (changing the beam of the array), the alignment of the direct
phase is deteriorated, and thus, it is not accurately mapped into the Radon domain. We identify clear
peaks that correspond to velocities and times that are to be expected in the presence of reflections from
the African coast at the azimuths of 0°, 45°, 75°, and 110° (Figure 11). Variations in velocity can be
attributed to various factors. For example, if the real propagation direction is different from the assumed,
it will have a faster apparent velocity. Other factors can be the stronger dispersion of the reflected waves
due to the longer paths they travel, as well as multiple reflections from different azimuths, and/or curved
wave fronts. On the contrary, there are no such peaks at the azimuth of 250° that points on the coast of
Brazil. Similar analysis for reflections at the Antarctic coast was not possible due to its large distance from
the array, the unfavorable orientation of the stations, and the fact that both incident and reflected waves
for many of the sources will arrive from the same direction. These results suggest that reflected infragravity
waves contribute to the energy recorded in the deep ocean. This also suggests that future work examining
Figure 11. Linear Radon transform of ~14‐hr long NCF's, after projecting the interstation distance to the great arc of a
reflected plane wave arriving from azimuth shown at the beginning of each panel. The vertical axis corresponds to the
radial coordinate projected to the time vector, considering a velocity of ~140 m/s. Color corresponds to the stacked
absolute amplitude of the NCF's. The two dotted lines correspond hypothetical reflections, calculated for one‐way travel
time of 1 and 5 hr, respectively. Arrows show some peaks at the expected velocity and time of reflected phases. The inlet
map shows the tested reflection points (stars), with their azimuths and their travel times from the center of the PI‐LAB
array (inverted triangles).
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reflection amplitudes from well‐calibrated ocean bottom pressure records will better constrain reflection
coefficients.
6. Conclusions
We observe open ocean infragravity waves at the equatorial mid‐Atlantic using ocean bottom pressure
records and present a new global back‐projection method, based on graph theory, for determining source
locations for infragravity waves. Our method uses a two‐stage, adaptive weighting scheme to minimize
the effects of the array geometry.
The dominant source region over the yearlong deployment is the western coast of Africa, with some coher-
ent energy from South America. We also find evidence for transient infragravity waves generated or reflected
from North America and indications of waves that may have traveled through sea ice, reflecting off
Antarctica. Our results generally agree with previous works (e.g., Ardhuin et al., 2014; Crawford et al.,
2015). The continental coastal morphology is the most likely reason for the difference in leaked infragravity
wave energy. The concave morphology of the Gulf of Guinea in Africa likely focuses and reflects infragravity
wave energy and potentially leaks more refracted wave energy due to sharp changes in coastline orientation
versus the convex morphology of Brazil in South America. We find evidence for such reflections along var-
ious azimuths from the coast of Africa. Further study of the amplitude of such reflections could provide bet-
ter constrains of coastal reflection coefficients that are used as empirical inputs in infragravity waves models.
Data Availability Statement
The waveform data used in this study are available through the facilities of IRIS Data Services, and specifi-
cally the IRIS Data Management Center at https://doi.org/10.7914/SN/XS_2016. IRIS Data Services are
funded through the Seismological Facilities for the Advancement of Geoscience and EarthScope (SAGE)
Proposal of the National Science Foundation under Cooperative Agreement EAR‐1261681. For the visuali-
zation ofWAVEWATCH III infragravity wave data, the panoply software was used that was developed at the
NASA Goddard Institute for Space Studies, downloaded from https://www.giss.nasa.gov/tools/panoply/
(last accessed on June 2019).
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